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Abstract We present structural observations from foreland basin sediments that were incorporated into
the orogenic wedge of the central European Alps during early stages of continental collision. Our analysis
focuses on the prograde evolution and considers the full history of the sediments ranging from their
deposition in the basin to deep burial and metamorphism at temperatures of ~320°C. The tectonic evolution
is matched with constraints on the diagenetic alteration of the sediments. For this purpose, we calculate the
temperatures and depths of sediment compaction and illitization as well as the associated ﬂuid liberation.
The data set highlights that the tectonic incorporation of the sediments into the orogenic wedge was
strongly controlled by their diagenetic state. Earliest deformation took place during imbrication and frontal
accretion of unconsolidated and ﬂuid-saturated sediments. Ductile folding of the sediments occurred already
at this stage and was assisted by particulate ﬂow. With the progressive consolidation of the sediments the
elastic strength increased, which resulted in an overall embrittlement. This rheological change is recorded by
the onset of out-of-sequence thrusting, brittle faulting, and the formation of massive quartz-calcite veins,
which took place in the approximate temperature range of the seismogenic zone (i.e., ~150–350°C).
Moreover, widespread pressure solution resulted in the formation of a penetrative cleavage and records slow
but long-lasting deformation at low background strain rates. In summary, the prograde tectonic evolution of
the frontal Alpine wedge exhibits many similarities with the structural and mechanical evolution of
accretionary wedges at active subduction zones.
1. Introduction
Peripheral foreland basins are a major element in the tectonic framework of collisional orogens [e.g.,
Beaumont, 1981; Allen et al., 1986]. They form during the closure of an oceanic basin and the subsequent
collision of a passive margin with an island arc or active continental margin. The sedimentary record and geo-
metry of foreland basins are commonly used to reconstruct the evolution of collisional orogens through time
and space [e.g., Sinclair et al., 1991; Pelletier, 2007]. This is because the basin shape is thought to be at ﬁrst
order a function of the ﬂexural rigidity of the lower plate and therefore related to the load induced by the
thrust wedge and basin sediments [e.g., Jordan, 1981]. Moreover, facies changes and basin migration were
used to determine rates of wedge exhumation, erosion, or thrust wedge advance [e.g., Sinclair and Allen,
1992]. More recently, other crustal- to lithospheric-scale processes that potentially control the evolution of
foreland basins were recognized. For example, slab pull, slab breakoff, and slab rollback were suggested to
affect the subsidence of forelands basins [e.g., Sinclair, 1997b; Garcia-Castellanos and Cloetingh, 2012;
Schlunegger and Kissling, 2015]. Similarly, the accommodation of slip across a major range-front reverse fault
may drag a basin downward and result in large-scale ﬂexural deformation of the lower plate, generating addi-
tional accommodation space [Simpson, 2014]. Finally, the onset of escape tectonics was proposed to have
terminated foreland propagation within the eastern European Alps [Ortner et al., 2015].
On the other hand, the potential impact of foreland basin sediments on orogenic processes has remained
largely unnoticed [see, e.g., Jeanbourquin, 1994; Oncken et al., 1999; Remitti et al., 2007]. At early stages, per-
ipheral foreland basins are underﬁlled and characterized by the deposition of platform carbonates, hemipe-
lagic carbonaceous muds and, deep-water turbiditic siliciclastic sediments (i.e., the “underﬁlled trinity” of
Sinclair [1997a]). With the progressive underthrusting of the passive margin beneath the upper plate, the
sediments are overridden and incorporated into the embryonic orogenic wedge. The setting resembles
the one of accretionary wedges, where trench-ﬁll sediments are scraped off from the subducting plate and
transferred to the upper plate. Moreover, the mechanical impact of sediments on tectonic processes in
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accretionary prisms has become a major research topic in the study of convergent margins (for reviews see
Moore et al. [2007], Saffer and Tobin [2011], and Ujiie and Kimura [2014]). From today's perspective, there are
two principal outcomes: First, the mechanical properties of sediments change signiﬁcantly throughout their
diagenetic alteration from a porous, unconsolidated soft sediment to a well-compacted rigid rock. As this
transformation occurs syntectonically, it affects the way in which deformation is accommodated across the
accretionary wedge [e.g., Morgan and Karig, 1995; Kimura et al., 2007]. Second, diagenetic dehydration reac-
tions and sediment compaction liberate considerable amounts of ﬂuids, while the porosity and permeability
decrease. This conﬁguration results in high pore ﬂuid pressures, which keep the effective stresses in the
wedge and along plate boundary fault low, promoting the subduction of the oceanic lithosphere [e.g.,
Moore and Vrolijk, 1992; Wang, 1994; Moore and Saffer, 2001; Lamb, 2006].
These insights from active accretionary margins suggest that the incorporation of unconsolidated foreland
basin sediments into an orogenic wedge must be expected to inﬂuence initial mountain building processes.
Interestingly, Sinclair [1997a, 1997b] demonstrated for the example of the European Alps that the underﬁlled
foreland basin and thrust wedge migrated for ~150–200 km in an approximately stable manner over the
lower continental plate. This ﬁnding is remarkable, considering that the structure of the overridden plate
changed over the same distance from an extended rift margin to stable continental crust [Mohn et al.,
2014], which might be expected to leave a discernable signature in the basin evolution. Such a signature,
however, cannot be inferred [Sinclair, 1997b], and the factors that facilitated the “smooth advance” of the oro-
genic wedge remained unknown. In this respect, we revisit the tectonic evolution of the north central
European Alps, focusing on the Glarus Alps in eastern Switzerland. The area provides excellent insights into
the prograde evolution of a collisional orogen, ranging from the closure of the oceanic basin, to the inversion
of a foreland basin, and the emplacement of nappes along orogen-scale out-of-sequence thrusts. We present
a structural analysis integrating observations from themicroscale, mesoscale, andmacroscale and discuss our
results in the context of diagenetic processes and observations from modern accretionary systems.
2. Geological Context
2.1. Tectonic Setting of the Study Area
The European Alps are a collisional orogen resulting from the closure of the Alpine Tethys and the subse-
quent collision of the European and Adriatic plates [Dewey and Bird, 1970; Frisch, 1979]. The subduction of
the Alpine Tethys, comprising the South Penninic ocean, the Briançonnais continental swell (Middle
Penninic), and the North Penninic Valais trough beneath the Adriatic plate, commenced in the Cretaceous
[e.g., Schmid et al., 2004; Handy et al., 2010]. The trailing edge of the passive European margin entered the
subduction zone during the Eocene. The subsequent partial subduction of the European continental crust
and the increasing collision with the Adriatic plate resulted in the formation of a complex orogenic belt.
The Glarus Alps in eastern Switzerland expose four major tectonic elements that provide detailed insights
into the tectonic evolution of the orogenic front since the initial subduction of the continental margin
(Figure 1): (1) remnants of the Penninic accretionary wedge comprising sediments of the Valais trough, (2)
the accreted sediments of the underﬁlled North Alpine Foreland Basin (in the following simpliﬁed referred
to as “ﬂysch”), (3) the Helvetic nappes, and (4) an external crystalline massif, the Aar massif. The Penninic
accretionary wedge developed at the orogenic front during the subduction of the Valais trough. With the clo-
sure of the trough during the early to middle Eocene, the North Alpine Foreland Basin (NAFB) initiated, which
is recorded by the sedimentation of the ﬁrst orogenically derived ﬂysch sediments in the Ultrahelvetic realm,
i.e., the southernmost part of the passive European margin. Sedimentation of the Ultrahelvetic ﬂysch termi-
nated ~40Ma indicating that the Europeanmargin entered the subduction zone [e.g., Sinclair and Allen, 1992;
Lihou, 1996]. Simultaneously, the depocenter of the NAFB migrated northward, as recorded in the successive
deposition of the Southhelvetic and Northhelvetic ﬂysch units between ~43 and ~34Ma. [e.g., Pﬁffner, 1986;
Sinclair and Allen, 1992]. Throughout the partial subduction of the European margin, the three ﬂysch units
(Ultrahelvetic, Southhelvetic, and Northhelvetic) were not underthrusted but scraped off from their substra-
tum and accreted in sequence to the Penninic accretionary wedge [Lihou, 1996]. This imbricated nappe stack
is called Infrahelvetic ﬂysch units (IFUs, see below). The suture between the Penninic wedge and the accreted
ﬂysch units, the so-called Penninic basal thrust, remained active as out-of-sequence thrust (OOS-thrust),
resulting in the burial of the accreted ﬂysch units [Pﬁffner, 1986; Lihou, 1996].
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The Helvetic nappes represent the Paleozoic to Mesozoic preorogenic sedimentary cover of the southern
European margin and comprise thick sequences of Jurassic to Cretaceous shelf and slope sediments plus
minor amounts of Permian to Triassic sediments [e.g., Trümpy, 1969]. In contrast to the ﬂysch units, the
Helvetic nappes were not frontally accreted but underthrusted and subsequently underplated by duplex
accretion to the base of the Alpine wedge. Underplating probably coincided with metamorphism, which
reached greenschist facies conditions in the south Helvetic nappes around 35–30Ma [Hunziker et al., 1986].
In the following, the Helvetic nappes were thrusted toward the foreland along huge out-of-sequence-thrusts
(e.g., the Glarus thrust) that cut through the IFUs. Burial under the advancing Helvetic nappe stack caused
Figure 1. Geological overview. (a) Tectonic sketch of the central and western European Alps showing the location of the study area (based on Schmid et al., [2004]).
(b) Geological map of the study area. The line A-A′-A″ locates the cross section shown in Figure 1c. (c) Synthetic and simpliﬁed cross section through the study area.
The cross section approximately correlates with the transect examined in the present study. Geological map in Figure 1b and cross section in Figure 1c modiﬁed from
Pﬁffner [2011].
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peak metamorphism in the ﬂysch units around 25–20Ma, reaching subgreenschist facies conditions in the
southernmost parts [Frey et al., 1980; Hunziker et al., 1986; Rahn et al., 1995; Lahﬁd et al., 2010]. The prograde
evolution of the orogenic wedge culminated around this time. Simultaneously, deformation relocated into
the European continental crust resulting in the underplating of the Aar massif [e.g., Burkhard, 1990; Kempf
and Pﬁffner, 2004]. The retrograde evolution and exhumation of the orogenic wedge [e.g., Glotzbach et al.,
2010] is not further considered here.
2.2. Structural Evolution of the Infrahelvetic Flysch Units
The structural evolution of the IFUs was thoroughly studied and is classically divided into three major defor-
mational phases [Schmid, 1975; Milnes and Pﬁffner, 1977; Pﬁffner, 1986; Lihou, 1996; Ring et al., 2001]. The ﬁrst
phase (D1) covers the imbrication of the IFUs. Except for the imbricate thrust faults, i.e., the tectonic contacts
between the ﬂysch units, no deformation structures in the IFUs were attributed to this phase. Deformation
associated with the D1 phase has therefore remained enigmatic. The second phase (D2) is considered as
the main Alpine deformation event that took place under (peak) metamorphic conditions and includes (1)
folding of the stacked IFUs into NW vergent isoclinal folds, (2) formation of a SE dipping tectonic axial planar
cleavage, and (3) OOS-thrusting of the Helvetic nappes along the Glarus fault (Figure 1). The different defor-
mation events were brought into a casual relationship, in which folding and cleavage formation result from
the emplacement of the Helvetic nappes [e.g.,Milnes and Pﬁffner, 1977; Lihou, 1996]. The observation that the
Glarus thrust cuts through already folded ﬂysch units, however, suggested some diachrony in the evolution
[Pﬁffner, 1986]. Additionally, Gasser and den Brok [2008] documented hectometer sized folds that formed
before cleavage formation and out-of-sequence thrusting and introduced further local deformation phases.
Similar, OOS-thrusting within the IFUs is not restricted to activity of the Glarus thrust but was active before.
This is evident by the emplacement of tectonic mélanges (Wildﬂysch nappes) and slices of Helvetic
limestones (Subhelvetic units) on top of the IFU before the whole nappe stack was cut by the Glarus
thrust [Trümpy, 1969; Lihou, 1996; Gasser and den Brok, 2008]. The occurrence of isolated thrust slices of
Northhelvetic and Southhelvetic ﬂysch in the northernmost part of the study area further indicates early
stages of OOS-thrusting (Figure 1). These units never experienced temperatures above 160–180°C and must
had been transported to the north, before metamorphism in the IFUs occurred [e.g., Rahn et al., 1995]. The
third deformation phase (D3) refers to thrusting along the Glarus fault that followed the D2 thrusting event.
The differentiation is made because the D3 thrusting event offset metamorphic isogrades along the fault
plane, indicating that it took place after peak metamorphism [Frey, 1988]. During this late stage of thrusting,
a crenulation cleavage developed in the direct footwall of the thrust [Schmid, 1975;Milnes and Pﬁffner, 1977].
The timing of the D3 deformation event is poorly constrained. However, apatite ﬁssion track data from the
IFUs suggest that the Glarus fault originated as simple landward dipping thrust fault and achieved its present
arcuate geometry during exhumation of the wedge after ~10Ma [Rahn et al., 1997; Rahn and Grasemann,
1999]. Some of the postmetamorphic thrusting occurred probably during this time [Ebert et al., 2007].
3. New Insights into the Deformation of the Infrahelvetic Flysch Units
In the following we present new structural observations from the IFUs. All data were collected along a ~30 km
long N-S running transect that exposes all three ﬂysch units (Figure 1c). Peak metamorphic temperatures vary
between 160–180°C in the north and 300–320°C in the south. The degree of deformation increases toward
the south and differs between the ﬂysch units, where the structurally highest unit (Ultrahelvetic) shows the
strongest deformation and the structurally lowest unit (Northhelvetic) the weakest. Beside this overall trend,
deformation is heterogeneously distributed, varies with rock type (i.e., clay, marl, lime, silt, and sandstones)
and may range on the outcrop scale from weak to strong. For clarity, we present our observations in a sum-
marized form and give detailed information on locality, lithology, temperature, etc. only where necessary.
3.1. Structures in Weakly Deformed Rocks
Different kinds of deformation structures were only found in weakly deformed rocks and are described in the
following. They are generally nonpenetrative and spatially very restricted. The structures often represent the
only recognizable overprint of the primary sedimentary fabric and comprise sediment injections, defor-
mation bands, microfaults, centimeter-scaled folds, and structurally bounded pressure solution seams.
Sediment injections occur within turbiditic sequences and are up to ~60 cm thick (Figures 2a–2c). Usually,
coarse sands are injected from the base of turbidites into the overlying silty and clayey layers, but the
Tectonics 10.1002/2015TC004101
DIELFORDER ET AL. FORELAND BASIN ACCRETION 2219
Figure 2. Deformation structures in weakly deformed rocks. (a) Turbidites in the Northhelvetic ﬂysch (46.9363°N, 9.1554°E).
The photo shows the upper limb of an anticline, the bedding dips with ~50° toward the NW. Sands are partially injected
from the base of the turbidites into the overlying clay-rich layers. The sediment injections are interpreted to reﬂect
deformation within a basinal setting in front of the advancing orogenic wedge. The dashed line indicates the trace of the
pressure solution cleavage (refracted), which formed at a later stage of the structural evolution. (b) Example of sediment
injection in a hand specimen sampled in the outcrop shown in Figure 2a. The sample is rotated ~50° counterclockwise
relative to its orientation in the ﬁeld. (c) Microphotograph of the injection structure shown in Figure 2b. The sediment
injection is weakly overprinted by a pressure solution cleavage formed at a high angle to bedding. (d–f) Examples of
deformation bands (46.9961°N, 9.0881°E). The bedding is rotated and sheared near the deformation bands resulting in a
local reorientation of the bedding planes. The deformation bands overprint small-scale calcite veins, suggesting a mixed
brittle-ductile behavior of the sediments during the formation of these structures (Figure 2e). (g and h) Examples of locally
restricted pressure solution. The discontinuities in Figure 2g are interpreted as microfaults or shear surfaces. Pressure
solution is restricted to these anisotropies and does not occur in the adjacent host rock. Pressure solution is also common
along interfaces between sediment and microfossils (Figure 2h) (47.1934°N, 9.2317°E). See text for details.
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injection of clays into coarse sandstones was also documented. Deformation bands are millimeter to centi-
meter sized, planar, or slightly anastomosing kink-like shear zones that are preserved within clayey to silty
sediments (Figures 2d–2f). They developed at a high angle to bedding (~60–80°) and show a reverse sense
of shearing. In some cases the deformation bands overprint small-scale extension veins and offset them by
less then 1mm (Figure 2d). Macroscopically, these features cannot be identiﬁed in the ﬁeld or in hand speci-
mens. Microscopically, deformation bands can be recognized by the deﬂection and kinking of the bedding-
parallel rock fabric, like aligned sheet silicates. In some cases, we observed ductile shearing within a wider
zone around the deformation band associated with a rotation of bedding by several degrees. The bands
appear in plane-polarized light darker than the host rock (Figures 2e and 2f). As there is no change in the
mineralogy within the deformation bands, the darker appearance may result from a reduction in porosity
related to the formation of the bands.
Microfaults are supposed to form a network of anastomosing shear surfaces which we observed near the
base of an isolated thrust slice of Southhelvetic ﬂysch cropping out in the northern study area (Figures 1c
and 2g). The microfaults are developed on the millimeter to centimeter scale. The supposed shear structures,
however, are ambiguous as we can neither identify a clear shear sense nor striations, due to an overprint of
the supposed surfaces by pressure solution. Alternatively, these structures may originate from pressure
solution solely, although their distinct geometry is difﬁcult to explain then. Anyhow, pressure solution in
weakly deformed rocks is often linked to preexisting structures, spatially very restricted, and limited to the
dissolution of carbonates. For example, pressure solutions seams are commonly found along sediment-fossil
interfaces, but they rapidly die out away from the fossil, although isolated seams without a visible structural
relationshipmay also occur (Figure 2h). Such pressure solution seams are sometimes crosscut by calcite veins,
while the same veins are in turn overprinted by pressure solution. This mutually crosscutting relationship
suggests that the site of active dissolution changed throughout the development of the rock fabric.
Pressure solution can also be contemporaneously active with other deformation mechanisms, like brittle
fracturing and particulate ﬂow, i.e., frictional grain boundary sliding with no or only little breaking of single
sediment particles [e.g., Borradaile, 1981; Maltman, 1994]. This is documented by the shortening and
folding of bedding-parallel calcite shear veins in the central part of the study area (G1 veins, see below;
Figures 3a–3d). The veins are embedded in a ﬁne-grained sediment matrix that exhibit a microbedding of
alternating silt and marl layers (Figure 3b). After vein formation, the sediments experienced bedding-parallel
contraction. In the vein, shortening is primarily accommodated by brittle fracturing and rotation of the frag-
ments, while the surrounding sediments are deformed in a rather ductile manner, i.e., in a continuous way
without recognizable discrete fractures. In the marly layers shortening is accompanied by pressure solution
of carbonates, while it is largely assisted by particulate ﬂow within the silty layer. This contrasting mechanical
behavior is depicted in the changing thickness of the deformed layers. Due to the dissolution of carbonates,
the thickness of the marl is reduced by>90 vol% in the limbs and hinges. In contrast, the silt layers show no
signiﬁcant thickness changes across the fold (Figures 3b and 3c).
3.2. Folding and Stratal Disruption
Folding in the IFUs was described by several authors and is summarized in section 2.2. In addition to the pre-
vious descriptions, we like to highlight two further aspects. First, in contrast to regional-scale folds that affect
the whole imbricated nappe stack of the IFUs and are thought to be associated with a axial planar cleavage,
we documented folds that record a similar shortening direction (approximately NW-SE) but exhibit no axial
planar cleavage [see also Gasser and den Brok, 2008]. For example, bedding planes in the hanging wall of
imbricate thrust faults are disharmonically folded, but the folds exhibit no tectonic cleavage (Figures 4a
and 4b; see below). Likewise, fault-propagation folds developed on the decameter scale within shales and
siltstones of the Northhelvetic ﬂysch exhibit no tectonic cleavage (Figure 4c).
The second aspect concerns the occurrence of stratal disruption within the limbs of folds. Stratal disruption
refers to the shearing, extension, and dismemberment of competent beds that were originally intercalated in
less competent strata [e.g., Festa et al., 2010]. In the IFUs, stratal disruption occurs basically in shales with
intercalated arenaceous turbidites and is common in the Southhelvetic and Ultrahelvetic units (Figure 4d).
The degree of disruption ranges from almost zero (i.e., the original bedding is largely preserved) to very
intense disruption, in which case isolated sandstone blocks ﬂoat in a shaly matrix (Figure 4e). In most cases,
disrupted sandstone layers show a pinch-and-swell or boudin-like geometry (Figures 4d and 4e). The shape
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Figure 3. Sediment deformation and G1 calcite shear veins. (a) Folded bedding indicating bedding-parallel shortening
(46.9961°N, 9.0881°E). (b) Bedding-parallel calcite shear vein that was folded together with bedding. Sample from Figure 3
a. Shortening of the calcite vein was largely accommodated by brittle fracturing (red lines) and rotation of the fragments. In
contrast, the silt and marl layers were shortened in a ductile manner, i.e., by particulate ﬂow and pressure solution of
carbonate particles, respectively. (c and d) Details of Figure 3b. (e) Examples of bedding-parallel calcite shear veins (G1 veins)
(46.9096°N, 9.1911°E). Shear sense is top-to-the-NW. (f) Top view on the surface of a G1 vein showing a clear lineation. The
lineation is parallel to the transport direction. (g) Microphotograph showing the typical microstructure of G1 veins. The long
axis of the picture is parallel to lineation of the vein. The inclusion trails and crack-seal bands consist of host rock particles and
indicate a top-to-the-NW shear sense. See text for detail. (h) Example of G1 vein containing clay particles and host rock
fragments. The inclusions give the calcite a dirty appearance, almost similar to the color of the host rock. Shear sense top-to-
the-NW.Microstructures in Figure 3g are from themineral vein shown in Figure 3h. (f–h) All (47.1407°N, 9.1073°E). (i) Example
of a G1 vein that formed at an oblique angle to bedding (46.9816°N, 9.1878°E). The oblique vein was shortened and folded
during sediment compaction and subsequent tectonic deformation (note the boudinage of the structures).
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of boudins is rather drawn than blocky suggesting ductile deformation during stratal disruption, most prob-
ably related to particulate ﬂow. However, mineral veins in sandstone boudins indicate also phases of brittle
rock failure (Figure 4e), suggesting an overall mixed brittle-ductile rheology during stratal disruption. We
observed stratal disruption in areas in which the tectonic cleavage is oriented subparallel to bedding,
suggesting a position within a fold limb (Figure 4d). This ﬁnding concurs with observations by Lihou
[1996], who documented the boudinage of a thick limestone unit (Nummulitic formation, Southhelvetic
ﬂysch) also within the limbs of hectometer-scaled folds.
Figure 4. Folding and stratal disruption. (a and b) Tectonic contact between the Southhelvetic ﬂysch (hanging wall)
and Northhelvetic ﬂysch (footwall) (46.9891°N, 9.1573°E). Bedding in the hanging wall is folded. The folds are neither
associated with the formation of an axial planar cleavage nor with pressure solution. The thrust plane is deﬁned by a
cataclasite. (b) Interpretation of Figure 4a. (c) Fault-propagation fold. Similar to the folds in Figure 4a the fault-propagation
fold is not associated with an axial planar cleavage or pressure solution (46.9889°N, 9.1558°E). (d and e) Examples of stratal
disruption. The pressure solution cleavage in Figure 4d is subparallel to bedding and wraps around the disrupted
sandstone strata, suggesting that cleavage formation was syntectonic to posttectonic to stratal disruption (46.9023°N,
9.1867°E). (e) Isolated sandstone boudin ﬂoating in a clay-rich matrix (47.1407°N, 9.1073°E).
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3.3. Foliations and Cleavage Formation
The foliation in the IFUs is heterogeneously developed and can be differenced into a primary diagenetic folia-
tion (or bedding plane ﬁssility) and a secondary tectonic pressure solution cleavage. The diagenetic foliation
is preserved within the northern and central part of the study area and deﬁned by the orientation of platy
minerals (e.g., micas) subparallel to bedding (Figure 5a). The foliation is not linked to pressure solution or
the growth of new micas. It is considered to result from the orientation of platy minerals subparallel to
bedding during sedimentation and subsequent sediment compaction [e.g., Passchier and Trouw, 2005]. In
the central and southern parts of the study area, especially in the Southhelvetic and Ultrahelvetic units, the
diagenetic foliation is overprinted by the pressure solution cleavage. The cleavage is deﬁned by the dissolu-
tion of quartz and calcite grains and the accumulation of the insoluble phases (e.g., micas, iron oxides, and
organic material) as pressure solution seams (Figures 5b and 5c). In contrast to the isolated and nonpenetra-
tive pressure solution seams that occur in the northernmost part of the study area (section 3.1), the pressure
solution cleavage is penetrative, i.e., it forms a laterally continuous foliation plane. The characteristic of the
cleavage, however, varies with rock type. It is well expressed in argillaceous rocks but only weakly developed
in sandstones. In fold limbs the pressure solution cleavage is oriented subparallel to the diagenetic foliation
and overprints it. The transition between both structures is generally smooth, which makes it sometimes
difﬁcult to distinguish them. In contrast, the pressure solution cleavagemakes a high angle to bedding in fold
hinges and is well distinguishable from the diagenetic foliation (Figure 3c).
3.4. Mineral Veins
Mineral veins are a ubiquitous feature in the IFUs and can be prograde or retrograde. Dielforder et al. [2015]
described three groups of mineral veins (G1, G2, and G3 veins) that developed during the prograde evolu-
tion and occur independently from other tectonic structures. G1 veins comprise bedding-parallel calcite
shear veins (Figure 3e). The veins have a lineation and show an internal layering and a segmentation, which
are deﬁned by inclusion trails and crack-seal bands, respectively (Figures 3f and 3g). Both the lineation and
the crack seal bands indicate a top-to-the-NW shear sense (for details on vein microstructures see Labaume
et al. [1991] and Koehn and Passchier [2000]). Disperse inclusions of ﬁne host rock fragments and clay miner-
als can give the vein carbonate a dull appearance and suggests a formation of the veins in poorly conso-
lidated sediments (Figures 3g and 3h) [cf. Labaume et al., 1991]. This interpretation is in good accordance
with the strontium and oxygen isotope systematics of vein carbonates indicating that G1 veins formed
under early diagenetic conditions (~40–70°C) (for details see Dielforder et al. [2015]). Sometimes, a conju-
gate set of G1 veins is developed at an oblique angle to bedding (Figure 3i). The oblique veins are folded
and record bedding perpendicular shortening of ~30–60%. Bedding and G1 veins can be slightly boudi-
naged and are overprinted by a pressure solution cleavage subparallel to bedding. We interpret the overall
rock fabric to result from the diagenetic compaction of the sediment during or after the formation of G1
veins as well as from subsequent phases of tectonic compaction associated with layer parallel extension
(see also sections 3.3 and 5.1).
G2 and G3 veins comprise quartz-calcite veins that record phases of extensional rock failure within the wedge
(see Dielforder et al. [2015] for details). G2 veins represent mineralized fault cores of south dipping normal
faults and contain centimeter-sized brecciated host rock fragments (Figure 5d). G3 veins form steep,
north dipping extension fractures that formed parallel to the orientation of the largest principal stress
(Figure 5e). In contrast to G1 veins, the quartz and calcite crystals in G2 and G3 veins are devoid of ﬁne-grained
host rock inclusions. Oxygen isotope thermometry suggests that the veins formed during later stages of the
prograde evolution at temperatures of ~200–300°C (for details see Dielforder et al. [2015]). At ﬁrst sight, G2
and G3 veins crosscut the pressure solution cleavage (Figures 5e and 5f). Detailed crosscutting relationships,
however, indicate that the veins were affected by continuous pressure solution and associated with layer
perpendicular shortening in the IFUs. For example, G3 veins are sometimes folded into open folds with long
wavelengths and low amplitudes (Figure 5e). Moreover, stylolithic pressure solutions seams comprising iron
hydroxides occur within the veins, suggesting that shortening during folding was accommodated by vein-
internal pressure solution (Figure 5g).
Besides the G1, G2, and G3 veins described above, we observed additional kinds of mineral veins in the
study area that are difﬁcult to group. Some of these veins can be related to folding and thrust faulting and
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Figure 5. Cleavage development and quartz-calcite veins. (a) Diagenetic foliation parallel to bedding; siltstone (46.9961°N,
9.0881°E). (b) Incipient pressure solution cleavage subparallel to bedding; ﬁne-grained sandstone (46.9118°N, 9.1893°E).
(c) Pressure solution cleavage in marlstone. (d) G2 quartz-calcite vein. G2 veins record extensional faulting within the study
area and formed at temperatures of ~200–300°C (46.8912°N, 9.1853°E). The vein contains massive fragments of foliated
host rock. (e) G3 quartz calcite vein crosscutting the pressure solution cleavage (46.8923°N, 9.1878°E). The vein is slightly
deformed into an open fold due to continuous pressure solution after vein formation. G3 veins formed over the same
temperature range than G2 veins. (f) Detail of G3 vein crosscutting pressure solution cleavage (49.9019°N, 9.2245°E).
(g) Pressure solution seam comprising iron oxides in G3 vein (Figure 5e). The seam indicates that pressure solution in the
study area continued after the formation of the quartz-calcite veins at temperatures of ~200–300°C.
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are discussed in the respective section (i.e., sections 3.2 and 3.5). Moreover, we documented mineral veins
that crosscut all other structures and form open clefts with idiomorphic quartz and calcite crystals
(Figure 6i). We interpret these veins to be formed on the retrograde path and exclude them from further
considerations.
3.5. Thrust Faults
The tectonic contacts between the different ﬂysch units represent former imbricate thrust faults that
formed during the accretion of the IFUs. We inspected both contacts, i.e., between the Ultrahelvetic and
Southhelvetic ﬂysch and between the Southhelvetic and Northhelvetic ﬂysch. At the contact between
the Ultrahelvetic and Southhelvetic ﬂysch, Upper Cretaceous to Paleocene sandstones are thrusted on
top of Eocene marlstones (Figure 6a). The bedding is well preserved in both blocks and a brittle overprint
of the rock fabric occurs only close to the thrust plane. The actual plane is deﬁned by a cataclasite of a few
millimeter to centimeter thickness that comprises material derived from the hanging wall and footwall
(Figure 6c). Grain size reduction in the cataclasite is moderate (Figures 6d–6f). Calcite extension veins occur
within the lowermost ~10 cm of the hanging wall and have a high angle to the thrust plane. They contain
fragments of the cataclasite supporting a formation during imbricate thrusting. We further documented
small thrust faults within the uppermost ~10m of the footwall that are interpreted as splays of the actual
imbricate fault (Figure 6b). Similar to the main fault, the bedding is cataclastically reworked along the fault
surfaces. The faults show a mutually crosscutting relationship with calcite extension veins that we interpret
to be formed during imbricate thrusting. At the contact between the Southhelvetic and Northhelvetic
ﬂysch unit, Eocene marls are thrusted on top of younger Eocene siltstones (Figures 4a and 4b). The fault
contact is deﬁned by a several centimeter thick cataclasite comprising material from the footwall and hang-
ing wall. The bedding in the hanging wall is folded into noncylindrical, disharmonic, and irregular folds that
developed on the meter scale. Extensional calcite veins crosscut the folded strata or are folded together
with bedding. Likewise for the other contact, we interpret the veins and folds to be formed during
imbricate thrusting.
Another kind of faults that we documented within the Northhelvetic ﬂysch are ﬂysch internal thrust faults
(Figures 6g–6i). The faults are several hundred meters long and have displacements of tens of meters. The
fault planes dip to the SE, suggesting that the faults formed in response to the general NW-SE directed short-
ening. In contrast to the imbricate thrust faults, the hanging walls are intensively fractured and exhibit a
dense network of extensional veins that comprise quartz, calcite, chlorite, and white mica. We associate these
veins with faulting (Figure 6h). They disrupt well-compacted and cemented host rocks, suggesting that the
faults developed at a later stage than the imbricate thrust faults described above. We further documented
a set of retrograde clefts that developed at a high angle to the veins in the hanging wall and overprint the
faulting related fabric (Figure 6i, see also section 3.3).
4. Temperature Constraints and Fluid Sources
To investigate potential effects of diagenesis on the structural evolution of the IFUs, we set up a simple diage-
netic model. It approximates the temperature-depth evolution of the southern part of the study area, i.e.,
where the highest metamorphic conditions were reached. Afterward, clay dehydration, sediment compac-
tion, and ﬂuid release rates are calculated. The model constraints are described in the following.
4.1. Geothermal Gradient
Geothermal gradients that persisted during the prograde evolution of the frontal orogenic wedge are only
poorly constrained. Previous estimates of ~30°C km1 are either adoptions of average geothermal gradients
inferred for stable continental crust or derived from data that reﬂect temperature gradients on the retrograde
path of the orogen [e.g., Frey, 1988; Pﬁffner, 1986; Herwegh and Pﬁffner, 2005] and should not be borrowed for
considerations on the prograde evolution. We therefore constrain the geothermal gradient by calculating the
temperatures along the former plate boundary fault that was active during the accretion of IFUs. As the ﬂysch
units remained in a structural position close to the fault, the geothermal gradient in the IFUs is approximately
the same than the one calculated for the fault. Our calculations follow the works ofMolnar and England [1990]
and Tichelaar and Ruff [1993] that provide analytical solutions to calculate temperatures along major thrust
faults. The approach considers the heat ﬂow from the underthrusted block Q0, radiogenic heat production
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Figure 6. Structural framework of thrust faults. (a) Tectonic contact between the Ultrahelvetic ﬂysch (hanging wall) and Southhelvetic ﬂysch (footwall) (46.9597°N,
9.1881°E). The thrust plane is deﬁned by a cataclasite. (b) Splays in the footwall of the imbricate thrust shown in Figure 6a. The picture was taken ~2m to the NW of
the picture shown in Figure 6a. The splays exhibit a mutually crosscutting relationship with the calcite veins, indicating that vein formation occurred during imbri-
cation. (c) Hand specimen taken in the direct hanging wall of the thrust shown in Figure 6a. The red line indicates the approximate position of the thrust plane. The
cataclasite is partly preserved in the lowermost part of the sample. Fragments of the cataclasite occur within the calcite veins suggesting vein formation during
imbricate thrusting. (d–f) Thin section micrographs showing details of cataclasite. Crossed nicols. (g) Flysch internal thrust fault (46.8883°N, 9.1273°E). The hanging
wall of the thrust is intensively fractured. The abundant mineral veins comprise quartz, calcite, and some minor amounts of chlorite and white mica. (h) Detail of
mineral veins within the hanging wall of the thrust shown in Figure 6g. The veins overprint well compacted and cemented rocks. (i) Detail of retrograde cleft
mineralization overprinting the fault structure.
Tectonics 10.1002/2015TC004101
DIELFORDER ET AL. FORELAND BASIN ACCRETION 2227
in the wedge A, and shear heating τV.
All factors are reduced by the divisor
S that accounts for the advection of
heat due to underthrusting and is
given by Molnar and England [1990]:
S ¼ 1þ b
ﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
zf V sin δð Þ
k
r
(1)
where b is a constant close to 1, zf is
the depth along the fault, V is the
convergence rate (see below), δ is the dip angle of the thrust fault (10°) [Dielforder et al., 2015], and k the ther-
mal diffusivity (1 × 106m2 s1). All parameters are listed in Table 1. The heat ﬂow from the underthrusted
European lithosphere Q0 is taken to be 70mWm
2, representing an average value for continental crust [e.g.,
Pollack, 1982; Davies, 2013]. The radiogenic heat production A is assumed to be constant with depth and is
set to a value of 1μWm3 [e.g., Hyndman andWang, 1993]. The temperature due to radiogenic heating given
by Tichelaar and Ruff [1993]
Trad≈
Az2f
2kS
(2)
where k is the thermal conductivity (2.75Wm1 K1). Shear heating is deﬁned as the product of shear stress τ
and convergence rate V. The shear stress on a cohesionless brittle fault is given by Byerlee's friction law:
τ ¼ μ 1 λð Þρgzf (3)
where μ is the coefﬁcient of internal friction, λ the pore ﬂuid pressure ratio (i.e., the ratio of pore ﬂuid pressure
over lithostatic pressure), ρ the rock density, and g the acceleration due to gravity. In the ductile realm the
shear stress on a fault depends on temperature, while temperature depends on shear heating and thus on
shear stress. To bypass this interdependency, we follow the approach of Lamb [2006] and assume for the cal-
culation of shear heating a constant shear stress of 20MPa in the upper 25 km of the wedge. The temperature
along the plate boundary fault Tf is then given by [e.g., Lamb, 2006]:
Tf≈
Qo þ τVð Þzf
kS
þ Az
2
f
2kS
(4)
Reconstructions of the convergence rates during the prograde evolution of the wedge suggest a slowdown
from relatively high rates of ~6–12mmyr1 between~65 and30Ma to relatively low rates of only 2–3mmyr1
after ~30Ma [Pﬁffner, 1986; Sinclair and Allen, 1992; Sinclair, 1997a]. Solving equation (4) for the highest and
lowest convergence rates yields geothermal gradients ~15°C km1 and ~20°C km1 for the upper 25 km of
the wedge, respectively. For the mean convergence rate of 7mmyr1 we obtain a geothermal gradient of
~17°C km1. We note that the calculated gradients agree well with independent constraints. For example,
Wiederkehr et al. [2011] report peak metamorphic conditions for metasediments from the distal European
margin of ~6–7 kbar and ~350–425°C. In contrast to the IFUs, these sediments were subducted together with
the distal European margin and not frontally accreted. Assuming an average density of 2750 kgm3 for the
overlying wedge, the peakmetamorphic conditions translate to a geothermal gradient of ~16°C km1, similar
to the one we calculated for the average convergence rate. Moreover, Rahn and Grasemann [1999] estimated
from thermal modeling of apatite ﬁssion tracks a geothermal gradient of ~17°C km1 during the late stage
exhumation of the IFUs around 10Ma. Given the good accordance between the independent constraints,
we base our following considerations on a geothermal gradient of 17°C km1.
4.2. Fluid Sources by Sediment Compaction and Clay Dehydration
We calculate the compaction-derived ﬂuid source from presumed porosity changes in the accreted
sediments passing through a steady state porosity ﬁeld [e.g., Saffer, 2003; Lauer and Saffer, 2015]. The
calculations are exemplary for a point within the Northhelvetic ﬂysch. The reference frame is therefore set
to the deformation front in the North Alpine Foreland Basin at the time of sedimentation of the basal units
of the Northhelvetic ﬂysch, i.e., ~40Ma [Sinclair, 1997a]. The burial rate of the sediments vb is approximated
by assuming a linear burial between the time of sedimentation and the time of peak metamorphism at
Table 1. Model Parameters
Parameter Description Value
V (mm yr-1) Plate convergence 2–12
δ (°) Dip angle of the thrust fault 10
k (Wm1 K1) Thermal conductivity 2.75
k (m2 s1) Thermal diffusivity 1 × 106
Q0 (mWm
2) Surface heat ﬂow of subducting plate 70
ρ (kgm3) Sediment density 2750
A (μWm3) Radiogenic heat production 1
Tectonics 10.1002/2015TC004101
DIELFORDER ET AL. FORELAND BASIN ACCRETION 2228
~25–20Ma [Hunziker et al., 1986]. Assuming a geothermal gradient of 17°C km1 and a peak metamorphic
temperature of ~320°C [Lahﬁd et al., 2010], vb ranges between ~0.9 and 1.3 kmMyr
1. The ﬂuid source term
for compacting sediments Γ com (Vﬂuid/VsedMyr
1) is given by [e.g., Saffer, 2003]
Γ com ¼ ∂ϕ∂z vb (5)
where ϕ is the porosity and z the depth within the accretionary complex. The porosity is deﬁned by using a
porosity-depth relationship based on the compaction trend summarized by Bray and Karig [1985]. The trend
was ﬁtted using an exponential function and an initial porosity ϕi of 0.6 and a minimum porosity ϕmin of 0.01
ϕ zð Þ ¼ ϕi  ϕminð Þexp dzð Þ þ ϕmin (6)
where d is a ﬁtting parameter.
Beside sediment compaction, the smectite-illite transformation (S-I) is the largest ﬂuid source during the
diagenetic and metamorphic alteration of accretionary prism sediments [e.g., Moore and Vrolijk, 1992]. We
compute the depth of the S-I transformation along the burial path described above using the kinetic expres-
sion of Pytte and Reynolds [1988]:
∂SIS
∂t
AISexp
E
RT
 
Kþ
Naþ
 
SIS
5 (7)
where AIS is a scaling factor (5.2 × 10
7 s1), E is the activation energy (1.38 × 105 J mol1), R is the ideal gas
constant (8.314 Jmol1 K1), T is the temperature (K), and SIS is the mole fraction of smectite in mixed layer
I-S. We assume a conservative initial mole fraction of smectite of SIS,initial = 0.8. The ratio [K
+]/[Na+] is assumed
to be in equilibrium with K-feldspar and to be a function of temperature [Pytte and Reynolds, 1988]:
Kþ
Naþ
 
¼ 74:2exp 2490
T
 
(8)
The ﬂuid source term from the smectite-illite transformation Γclay is then calculated for the burial path follow-
ing Saffer [2003]:
Γ clay ¼ ∂SIS∂t HC 1 ϕð Þ (9)
where H is the volumetric water content of smectite (0.4) [Colten-Bradley, 1987], C is the volume fraction of the
sediment composed of I-S mixed layer clay. X-ray diffraction (XRD) data of ten rock samples from the study
area suggest that C is ~0.4–0.6 in clay-rich lithologies and ~0.1–0.3 in carbonaceous marls and siltstones
(Table S1 in the supporting information). As we cannot quantify the absolute fractions of clay-rich and
clay-poor sediments in the whole accretionary complex, we assume a conservative value of C= 0.3.
5. Discussion
The structural evolution of the IFUs was previously described by a deformation scheme that distinguishes the
early imbrication of the ﬂysch units (D1 phase), from ductile and penetrative “Alpine deformation” under
metamorphic conditions (D2 phase) and postmetamorphic deformation on the retrograde path (D3 phase).
Many of our observations agree with this scheme and relate to the ﬁrst two deformation phases, i.e., to the
prograde evolution of the IFUs. In addition, our data set details a sequence of deformation that reﬂects the
changing mechanical behavior of the sediments throughout diagenesis and low-grade metamorphism. In
the following discussion, we focus on the latter aspect. To do so, we ﬁrst identify the relative timing and
tectonic setting of the different deformation events. Afterward, we match the results against theoretical
constraints on diagenetic alterations and discuss the effect of variable strain rates. Finally, we summarize
our ﬁndings, compare them to accretionary wedge tectonics, and discuss possible implications for early
stages of continental collision.
5.1. Tectonic Context and Relative Timing of Deformation Events
The earliest deformation in the IFUs can be expected to occur in a basinal setting. Sinclair [1989] documented
different soft-sediment deformation features and interpreted them to form in the basin under the inﬂuence
of the advancing thrust wedge and associated seismicity. We concur with this view and attribute the
Tectonics 10.1002/2015TC004101
DIELFORDER ET AL. FORELAND BASIN ACCRETION 2229
sediment injections we observed to deformation in the basin, although an origin within the wedge cannot be
excluded. Whether or not the injections were caused by seismic shaking cannot be solved here, but their
occurrence documents at least overpressured pore ﬂuids [e.g., Levi et al., 2006]. The next tectonic event that
can be expected to cause deformation is the imbrication of the ﬂysch units. We argue that this is recorded by
some of the deformation features that we documented within weakly deformed sediments. For example,
deformation bands are a typical feature in argillaceous sediments drilled in the imbricate thrust zone of
the Nankai accretionary prism, offshore Japan [e.g., Karig and Lundberg, 1990]. They occur in poorly cemented
and compactively deforming sediments that exhibit a mixed brittle-ductile behavior (“ductile” refers to con-
tinuous deformation at the scale of observation, while “brittle” is used for discontinuous structures). Their for-
mation is thought to record subhorizontal shortening induced by active accretion near the deformation front
[e.g., Karig and Lundberg, 1990;Morgan and Karig, 1995, Ujiie et al., 2004]. The deformation bands found in the
IFUs share these principal characteristics. They developed in argillaceous sediments and record subhorizontal
shortening as indicated by the reverse sense of shearing. Moreover, their association with small extension
veins reﬂects a mixed brittle-ductile behavior of the sediments, where the veins record brittle rock failure
and the deformation bands ductile shearing assisted by particulate ﬂow. Such a mixed mechanical behavior
is probably restricted to uncemented or poorly cemented sediments undergoing early stages of compaction
[e.g., Ask and Morgan, 2010], as with progressive consolidation the elastic strength of sediments increases. We
therefore suggest that the deformation bands in the IFUs record early phases of shortening during imbrica-
tion, similar to their counterparts in active accretionary wedges. This interpretation is in good agreement with
independent observations. The small-scale folding of sediments together with G1 calcite shear veins indicates
bedding-parallel shortening and a mixed brittle-ductile behavior as well. Dielforder et al. [2015] determined
low vein formation temperatures of only ~40–70°C, suggesting a very shallow origin for G1 veins. In accor-
dance with this, the veins are varyingly strong overprinted by sediment compaction, promoting their forma-
tion in a compacting environment.
Additional insights into deformation during imbrication can be obtained from the tectonic contacts between
the different ﬂysch units. For example, folding in the hanging wall of the imbricate thrusts is not associated
with the formation of a tectonic cleavage, pressure solution, or crystal-plastic deformation. We further
documented fault-propagation-folds within the Northhelvetic ﬂysch (NHF) that also show no indications of
pressure solution or crystal-plasticity. Similarly, Gasser and den Brok [2008] documented hectometer sized
folds that again show no association with the aforementioned processes. These ﬁndings suggest that ductile
deformation during folding was largely accommodated by particulate ﬂow. We hypothesize that these folds
formed in poorly consolidated sediments and record early phases of shortening during imbricate thrusting.
The temperatures can be expected to be similar or slightly higher than the one for the formation of G1 veins
and related structures (i.e., ≥40–70°C). The poor consolidation of the sediments at these temperatures is sup-
ported by the inclusion of clays and ﬁne-grained sediment particles in G1 veins, which speaks against an ori-
gin in well-cemented rocks [e.g.,Orange et al., 1993; Jeanbourquin, 1994]. The suggested low temperatures for
the folding of sediments during imbrication are in good agreement with observations from modern accre-
tionary wedges. For example, geological surveys in submarine canyons that expose the internal architecture
of the outer Nankai accretionary prism (Japan) revealed the folding of young turbidite sequences into trench
parallel, hectometer-scaled folds [Anma et al., 2011; Hayman et al., 2011]. Similarly, Yamamoto et al. [2005]
documented the folding of imbricated sediments into open to isoclinal folds in the Neogene Miura-Boso
accretionary wedge, central Japan. The sediments never experienced temperatures above 50°C, which
excludes any later stages of folding.
After imbrication of the ﬂysch units, folding in the study area continued. This is recorded by the folding of the
imbricate thrust faults [e.g., Lihou, 1996] and the local refolding of earlier folds [Lihou, 1996; Gasser and den
Brok, 2008]. Previous studies argued that this regional folding event is related to the formation of an axial pla-
nar cleavage, based on the ﬁnding that the pressure solution cleavage is oriented subparallel to the axial
planes of regional folds [e.g., Milnes and Pﬁffner, 1977; Lihou, 1996]. Although we agree with the principle
observation, we argue that folding and cleavage formation are not contemporaneous and interdependent
processes, but only overlap partially in time. We documented that the pressure solution cleavage is hetero-
geneously developed within the study area. In the northern to central parts the cleavage is not developed,
although the sediments are folded. In the southern part of the study area, the cleavage is well developed,
especially in the Southhelvetic and Ultrahelvetic ﬂysch. There, the cleavage is subparallel to bedding in the
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long limbs of isoclinal folds and has a high angle to bedding within the fold hinges, consistent with the inter-
pretation as axial planar cleavage. However, the formation of the pressure solution cleavage continued long
after folding. For example, quartz-calcite veins in the southern part of the study area (G2 and G3 veins) formed
after folding and crosscut early stages of the cleavage but are subsequently overprinted by ongoing pressure
solution. As the veins formed at temperatures ≥200°C, the relationship suggests that folding occurred at tem-
peratures below ~200°C, while pressure solution remained active (or became even more effective?) at tem-
peratures ≥200°C. A similar relationship is also suggested by the isolated thrust slices in the north that
record maximum temperatures of ~160–180°C. Pressure solution occurs only locally in these rocks (see
section 3.1), but they were thrusted after regional folding of the IFUs. In this respect, we propose that folding
and pressure solution are rather successive than contemporaneous processes, although they both record
continuous shortening within the accreted ﬂysch units. The comparable orientation of cleavage planes and
axial planes simply suggests that the main shortening direction did not change signiﬁcantly during their for-
mation. As pressure solution continued after folding, it can be expected to tighten or to intensify folds and
folding related fabrics. This expectation may be reﬂected by the structural appearance of disrupted strata
within fold limbs (Figures 4d and 4e). We argue that the disruption initiated under progressive noncoaxial
deformation and the rotation of the fold limbs into the extensional ﬁeld [e.g., Ramsay, 1967]. After folding
and disruption, continuous shortening perpendicular to the orientation of the fold limb resulted in pressure
solution, which is displayed by the “ﬂow” of the tectonic cleavage around boudinaged sandstone blocks
(Figure 4d). In this respect, continuous pressure solution intensiﬁed the block in matrix fabric. In a similar
way, we interpret the occurrence of mineralized tension gashes within hinge zone of folded sandstone layers
to indicate a brittle overprint during late increments of shortening.
After imbrication and folding, the IFUs were affected by OOS-thrusting, which took place at temperatures
between ~160–180°C and 300–320°C. Although OOS-thrusting in the study area is in the literature commonly
associated with the activity of the Glarus thrust [e.g., Ring et al., 2001], earlier phases of OOS-thrusting
occurred and are recorded, e.g., by the emplacement of the Subhelvetic units on top of the IFUs (see
section 2.2). We suggest that the ﬂysch internal thrust faults developed during the same period. Our interpre-
tation is based on the structural appearance of the thrust faults. In contrast to the imbricate thrust faults that
exhibit only a weak brittle overprint in the foot and hanging wall and are associated with a calcite mineraliza-
tion, the ﬂysch internal thrust faults exhibit intense brittle fracturing and a mineralization by quartz, calcite,
and minor amounts of chlorite and white mica. The persistence of a quartz-calcite mineralization is recorded
by the G2 and G3 veins for temperatures of ~200–300°C (see above) [Dielforder et al., 2015], suggesting similar
temperature ranges for the activity of the thrust faults. Moreover, the mineral veins overprint well-cemented
and compacted sediments excluding an early origin for the faults. We further reject a retrograde origin, as the
fault structure is overprinted by open clefts formed during exhumation.
5.2. Effects of Diagenesis on Deformation
In the following, we examine the potential effects of diagenetic alterations and changing sediment properties
on deformation within the IFUs. For this purpose, we compare the calculated depth and temperature intervals
for sediment compaction and clay dehydration (Figure 7) with the temperature ranges of different deformation
events. The results are projected on the depth-temperature path obtained from equation (4) (Figure 8; see
section 4). Our calculations suggest that the porosity decreases from 60% to ~10% within the upper ~5 km
of the wedge (Figure 8a). Similarly, the illitization of smectite initiates at a depth of ~3–4 km and peaks around
~4–6 km depth or temperatures of ~100°C (Figures 7a and 8a). The largest amounts of ﬂuids are thus liberated
within the upper ~6 km of the wedge, which is reﬂected in the relatively high values of the bulk ﬂuid source
term Γbulk, where Γbulk =Γ com+Γclay (Figures 7 and 8a). Both illitization and sediment compaction remain
active until depths of ~10 km, at which the residual porosity becomes less than 2% and temperatures reach
~170°C. Although both processes continuously release further ﬂuids, the bulk ﬂuid source term is 1 order of
magnitude smaller than at shallower depths (Figure 8a). In summary, the model results suggest that sediment
compaction and illitization completed in the IFUs within the upper ~5–10km of the wedge. Dielforder et al.
[2015] further proposed on the basis of isotope analysis of calcite cements from marl and limestones that car-
bonate diagenesis in the IFUs occurred at temperatures of ~40–70°C or depths of ~3–4 km (Figure 8a). The
diagenetic reactions, i.e., carbonate diagenesis and the smectite-illite transformation, release cations like Ca2+,
Mg2+, Fe3+, and Si4+ into the pore ﬂuid, which fosters the cementation of the sediments [e.g., Sample, 1990;
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Awwiller, 1993; Moore et al., 2007]. We therefore suggest that the originally unconsolidated and soft sediments
were transferred into cemented and rigid rocks within the upper ~10 km of the wedge. We argue that this
diagenetic embrittlement is reﬂected by the restriction of imbricate thrusting and associated folding to tem-
peratures below~160°C (Figures 8b and 8c). In this respect, the originally unconsolidated state of the sediments
enabled ductile deformation by particulate ﬂow especially within the upper kilometers of the wedge. With the
progressive diagenetic alteration of the sediments, particulate ﬂow becamemore difﬁcult and ﬁnally ceased at
deeper levels of thewedge. The exact temperature range for the switch in themechanical behavior is difﬁcult to
constrain and may vary within the wedge. For example, the strong compaction of sediments together with the
associated ﬂuid release promote high pore ﬂuid pressures [e.g.,Wang, 1994;Moore and Saffer, 2001], which are
likely to cause an underconsolidation of the sediments and low effective stresses within the wedge. Such a set-
ting would extend the effective depth range for deformation by particulate ﬂow [e.g., Borradaile, 1981; Ask and
Morgan, 2010].
At depths greater than ~10 km, the porosity remains approximately stable (i.e., around the ﬁxed minimum
porosity of 1%) and illite is progressively transformed into muscovite [e.g., van de Kamp, 2008]. Compared
to earlier deformation stages, the liberation of ﬂuids at this stage is rather negligible as indicated by the
low values of Γbulk (Figure 8a). At the same depths, however, pressure solution becomes active and causes
together with the illite-muscovite transformation the liberation and redistribution of SiO2, which is thought
to facilitate a further embrittlement of the rocks and the change from a velocity-strengthening to velocity-
weakening behavior [e.g., Moore et al., 2007; van de Kamp, 2008; Kameda et al., 2014]. We propose that this
development is reﬂected by the onset of OOS-thrusting at temperature >160°C and the brittle deformation
that is recorded by the formation of quartz-calcite veins in the study area (Figure 8b).
5.3. Effects of Strain Rate on Deformation
At ﬁrst glance, our data set documents an overall mechanical embrittlement that is linked to the prograde
diagenetic alteration of the IFUs. At second sight, however, the data display also the formation of brittle
and ductile deformation features under comparable diagenetic conditions. Especially at early diagenetic
states, such differences might be caused by inhomogeneous lithiﬁcation and variable pore ﬂuid pressures
[e.g., Labaume, 1987; Ortner, 2007]. Besides, a variation of the strain rate adds another major control on the
mechanical behavior of the sediments and is discussed in the following. Strain partitioning in the imbricate
thrust zone can cause highly variable strain rates at different sites in the accreted sediments [e.g., Barnes et al.,
1998]. The highest strain rates occur along the plate boundary fault and imbricate thrusts that accommodate
large amount of plate convergence, while lower strain rates can be expected for the interior of the imbricated
Figure 7. (a) Model results showing the smectite content in mixed smectite-illite as a function of depth. (b) Calculated ﬂuid source terms for sediment compaction
(Γcom), smectite-illite transformation (Γclay), and the sum of both (bulk ﬂuid source term, Γbulk). Dashed and solid lines represent model results for metamorphism in
the Infrahelvetic ﬂysch units at 20Ma and 25Ma, respectively. For details on the calculations see section 4.
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units [e.g., Adam et al., 2005]. Although the strain rates during imbrication of the IFUs are difﬁcult to recon-
struct, a ﬁrst-order approximation may illustrate potential differences. For example, presuming that one third
of plate convergence (i.e., ~2–4mmyr1, see section 4.2) was taken up along the imbricate thrust faults
within a ~1m thick shear zone, yields a bulk strain rate of ~1011 s1. In contrast, folding in the interior of
the IFUs records roughly20–40%of shortening [Lihou, 1996].Considering thatmostof the foldingoccurreddur-
ing imbrication, i.e., within ~5Myr, suggests low bulk strain rates for folding at the order of ~1014–1015 s1
[see also Milnes and Pﬁffner, 1977]. In summary, strain rates in the IFUs may have varied by a minimum of
3 to 4 orders of magnitude. In this respect, the cataclasites and mineral veins that are associated with the
imbricate thrusts record brittle and frictional deformation in a high strain zone, while the ductile folding
of sediments reﬂects continuous shortening at low background strain rates. Similarly, the occurrence of early
formed mineral veins together with small-scale folds is also likely to reﬂect variations in the strain rate.
Dielforder et al. [2015] suggested that the G1 veins record rock failure in response to subduction earthquakes
that cause a coseismic contraction of the outer wedge. This implies that the mineral veins formed during
short periods of elevated strain rates, while the small-scale folding reﬂect deformation at lower background
strain rates, analogous to the larger folds. After folding or at temperatures >160°C, the low background
strains were progressively accommodated by spatially wide distributed pressure solution, which remained
Figure 8. (a) Diagram illustrating the computed thermal proﬁle, porosity structure and depths of diagenetic alterations as inferred for the prograde evolution of the
Infrahelvetic ﬂysch units. The depths of carbonate diagenesis, smectite-illite-, and illite-muscovite transformation are given by the green, orange, and blue boxes,
respectively. Computed porosities are given by black ticks and the numbers above the temperature curve. The bulk ﬂuid source term (Γbulk) is given by the numbers
below the temperature curve. (b) Diagram as in Figure 8a but showing the range of different tectonic processes as inferred from ﬁeld observations (see text for
explanation). (c) Schematic tectonic model for the accretion of underﬁlled foreland basin sediments during early stages of continental collision. The basin sediments
are frontally accreted in an unconsolidated state. Folding initiates already during imbrication. Active out-of-sequence thrusting in the rearward part of the wedge
results in the tectonic burial of the accreted units. At greater depths the sediments experience diagenesis and low metamorphism and are transformed into rigid
rocks. Folds and folding related structures are overprinted by a pressure solution cleavage. For details on the calculations see section 4.
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active until peak metamorphic conditions and caused the intensiﬁcation of the rock fabric (see section 3.3).
The resultant “ductile appearance” of the rocks probably motivated previous workers to subsume thrusting,
folding, and cleavage formation under the D2 Alpine deformation phase, expressing the idea that the IFUs
experienced high ductile and penetrative strains, as inferred, e.g., for the Helvetic Morcles nappe in western
Swiss Alps [Ramsay and Huber, 1983; Egli and Mancktelow, 2013]. However, the low background strain rates
associated with pressure solution account only for small total strains. Moreover, the actual brittle behavior of
the rocks at late stages of the prograde evolution is well expressed by the brittle fracturing and the forma-
tion of quartz-calcite veins. Similarly, the ﬂysch internal thrust faults and the OOS-thrusts record the brittle
accommodation of shortening at much higher rates than the background strain rate. For example, the
Glarus thrust accommodated a minimum of ~30 km slip within ~10Myr [e.g., Schmid, 1975; Pﬁffner, 1985].
This translates to average strain rates of 7 × 1011 to 1 × 1010 s1 or slip rates of ~2–4mmyr1, suggesting
that ~30–50% of plate convergence were taken up along the fault. We note that the Glarus thrust was
previously interpreted as ductile shear zone, due to a ~1–2m thick calc-mylonite that occurs in the direct
footwall of the thrust [e.g., Schmid, 1975; Ebert et al., 2007; Herwegh et al., 2008]. However, the fault shows
a clear discontinuous offset and the required high strain rates of ~1011 s1 in combination with compar-
able low temperatures of only ~200–350°C do not speak for a sole ductile accommodation of the overall dis-
placement. On the contrary, discrete slip surfaces and cataclasites in the calc-mylonite suggest that
considerable amounts of the displacement were taken up in a brittle manner, while the crystal-plastic defor-
mation in the calc-mylonite reﬂects deformation at low background strain rates, analogous to pressure solu-
tion in the underlying ﬂysch units [Badertscher and Burkhard, 2000]. This view is supported by a recent
chemomechanical model for the Glarus thrust that implements frictional stick-slip failure in an otherwise
(interseismically) plastically deforming calc-mylonite [Poulet et al., 2014].
5.4. Similarities to Accretionary Wedges and Implications for Early Stages of Continental Collision
Our study documents that the early stages of tectonic deformation affected soft sediments and were related
to the imbrication of the IFUs. At this stage, bedding-parallel shortening, folding, and stratal disruption
initiated and were accompanied by the formation of smaller-scale structures like deformation bands or
bedding-parallel shear veins. The inferred low diagenetic conditions suggest a setting at a very shallow level
within the young Alpine wedge. We interpret these characteristics to reﬂect frontal accretion of the ﬂysch
units rather than underthrusting and subsequent basal accretion (Figure 8c). After frontal accretion, the
diagenetic alteration of the sediments increased their elastic strength and resulted in an overall mechanical
embrittlement. At deeper levels of the wedge, deformation at elevated strain rates was localized along brittle
thrust faults, like ﬂysch-internal thrusts or orogen-scale OOS-thrusts that promoted the tectonic burial of the
accreted ﬂysch units. In contrast, lower background strain was accommodated by pressure solution resulting
in the formation of a pervasive cleavage (Figure 8c).
The inferred tectonic and structural evolution shows similarities to the one of accretionary wedges that form
at accretion-dominated subduction zones, like along the North and South American margins or the Japan
Trench [Moore et al., 2007, and references therein]. Such accretionary complexes are commonly divided into
an outer and inner wedge [e.g., Wang and Hu, 2006]. The outer wedge encompasses the imbricate thrust
zone, where poorly lithiﬁed sediments are accreted in sequence to the front of the prism. Stratal disruption,
folding, and the formation of compaction bands have been documented as typical features in many active
and fossil outer wedges [e.g., Sample, 1990; Orange et al., 1993; Morgan and Karig, 1995; Vannucchi and
Bettelli, 2002; Yamamoto et al., 2005;Moore et al., 2007; Kimura et al., 2012]. In contrast, the inner wedge repre-
sents the interior part of an accretionary complex. It comprises well-lithiﬁed sediments and is characterized
by OOS-thrusting, underplating, widespread pressure solution, quartz cementation, and massive quartz-
calcite veining, i.e., all processes that we also infer for the late stage evolution of the IFUs [e.g., Sample and
Moore, 1987; Schwartz and Stöckhert, 1996; Ring and Brandon, 1999; Park et al., 2002; Moore et al., 2007].
The similarities between the two systems suggest that the “accretionary wedge stage” of the evolving Alpine
orogen continued after the subduction of the Valais trough (or North Penninic ocean, see section 2). This ﬁnd-
ing bears some implications for the tectonics during early stages of continental collision, which we discuss
brieﬂy in the following. The tectonics of accretionary wedges is strongly dominated by two factors. The ﬁrst
factor is a switch in the mechanical behavior of the sediments from a velocity-weakening to a velocity-
strengthening rheology. This switch is caused by the diagenetic alteration of the sediments, takes place at
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temperatures of ~125–150°C, and falls together with the transition from the outer to the inner wedge as well
as with the onset of seismogenesis [e.g.,Moore and Saffer, 2001;Wang and Hu, 2006]. The second factor is the
high pore ﬂuid pressure within the wedge, which is caused by mineral dehydration, rapid sediment compac-
tion, and low permeabilities [e.g., Saffer and Tobin, 2011]. These two factors determine how plate conver-
gence is taken up and strain is localized. For instance, OOS-thrusts have been identiﬁed as a map-scale
example of seismogenic thrust faults that splay from the plate boundary fault and cut through the entire
inner wedge [e.g., Moore et al., 2007; Strasser et al., 2009; Lieser et al., 2014]. Slip on OOS-thrusts may be
activated by large subduction earthquakes on the plate boundary fault [e.g., Lieser et al., 2014]. Moreover,
OOS-thrusts in the Nankai accretionary prism are characterized by alternating periods of low and high activity
[Strasser et al., 2009]. During phases of high activity the thrusts accommodate signiﬁcant portions of plate
convergence, while it is taken up by in sequence imbrication at the front of wedge during periods of low
activity [Strasser et al., 2009; Tsuji et al., 2014]. This dynamic picture offers a new perspective on the tectonic
evolution of the Alpine orogenic front. Both the Penninic basal thrust and Helvetic basal thrusts (e.g., Glarus
thrust, Figures 1 and 8c) can be understood as analogon to OOS-thrusts in accretionary wedges, which were
active within the seismogenic part of the Alpine wedge. We propose therefore that the frontal accretion of
the different ﬂysch units and OOS-thrusting along the Penninic or at a later stage along the Glarus thrust
represent alternating periods, during which plate convergence was either accommodated by frontal accre-
tion or by OOS-thrusting. In this respect, the emplacement of the Helvetic nappes along the Glarus thrust
is rather an example for the growth of accretionary complexes at convergent margins than a speciﬁc example
for collisional tectonics.
Another aspect are the high pore ﬂuid pressures that persist within fault zones and large parts of accretionary
wedges [e.g., Moore and Saffer, 2001; Tobin and Saffer, 2009; Moreno et al., 2014; Tsuji et al., 2014]. The over-
pressures keep the effective stresses and hence strength of the fault and the surroundings low, which pro-
motes the subduction of the oceanic slab [e.g., Lamb, 2006; Seno, 2009; Hardebeck, 2015]. We propose that
similar low-stress conditions persisted on the basal detachment and on out-of-sequence-thrusts throughout
the prograde evolution of the IFUs. Our interpretation is in accordance with independent constraints pre-
sented by Ring et al. [2001], who suggested low stresses on the Glarus thrust based on ﬁnite strain measure-
ments within the footwall and hanging wall of the fault. Considering that the elevation of a mountain range
approximately relates to the shear stress on the plate boundary fault [Lamb and Davis, 2003; Lamb, 2006], we
further hypothesize that the proposed steady state advance of the submarine Alpine wedge during early
stages of continental collision was at least partially facilitated by low shear stresses on the plate boundary.
In this respect, the prograde tectonic evolution of the IFUs was rather characterized by continental subduc-
tion than by continental collision.
In summary, our ﬁndings and interpretations underline the impact of unlithiﬁed, ﬁne-grained siliciclastic sedi-
ments on mountain building processes. As underﬁlled foreland basins are a typical feature of collision zones,
we suppose that our results bear also signiﬁcance for better understanding the tectonic evolution of other
orogens, like the Apennines, Himalaya, Zagros, or the Burmese Wedge. Moreover, the link to accretionary
wedge tectonics may motivate to consider more the unique and manifold insights from active convergent
plate margins in the analysis of fossil collision zones.
6. Conclusions
We reconstructed the prograde tectonic evolution of the Infrahelvetic ﬂysch units within the geodynamic
context of incipient continental collision and associated inversion of an underﬁlled foreland basin. Our study
suggests that the tectonic incorporation of the IFUs resembles the formation and growth of accretionary
wedges that form at subduction zones. In this respect, the frontal Alpine wedge can be divided into an outer
and an inner wedge. The outer wedge comprises the imbricate thrust zone, in which unlithiﬁed foreland
basin sediments were frontally accreted. The inner wedge, in turn, represents the more interior and deeper
levels, which were characterized by out-of-sequence thrusting, pervasive pressure solution, and quartz-
calcite veining. Pore ﬂuid pressures were presumably very high and kept the effective stresses along thrust
faults and the interior of the wedge low. Plate convergence was therefore accommodated along the plate
boundary fault and out-of-sequence thrusts. We suppose that this setting allowed the underthrusting or
subduction of 150–200 km of European continental crust. Throughout this evolution, the European plate
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was not (or only at deeper levels of the wedge) involved in deformation. This changed during the retrograde
evolution, which was characterized by thrusting, shearing, and exhumation of the Aar massif. We suppose
that the strength of the former basal detachment signiﬁcantly increased during this time, promoting the relo-
calization of deformation into the crystalline crust. The factors causing the switch in the tectonic style have
remained largely elusive and are topic of future research.
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